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Supplementary Information 1: Study regions, samples and stratigraphic correlations

[bookmark: _Hlk83915028]Parachilna Gorge section, South Australia. The Parachilna Gorge section outcrops across the Adelaide syncline in the Flinders ranges of South Australia. At the section, the Ediacaran Wonoka Formation is underlain by the deep-water Bunyeroo Formation, which contains the Acraman impact ejecta (Williams and Wallace, 2003). The Pound Subgroup, the main host for the well-known Ediacaran fossil assemblage, directly overlies the Wonoka Formation. The Wonoka Formation has been described in detail by Haines (1988) as a regressive carbonate siliciclastic unit of marine origin and ∼500 to ∼800 m thick, consisting of a shallowing-upward sequence of mixed carbonates and siliciclastics that record the gradual development of a storm-dominated carbonate ramp deposited in open-shelf conditions (Husson et al., 2015; Husson et al., 2012). The succession predominantly consists of limestones, except for the uppermost 5–100 m, where dolostones are present. Using a combination of geochronology and chemostratigraphy, the estimated age of the Wonoka Formation is around 570–550 million years old (Walter et al., 2000). Radiogenic strontium isotope data from the Wonoka Formation preserves 87Sr/ 86Sr values of around 0.7090, which is consistent with peak 87Sr/ 86Sr values found in other global Shuram Excursion (SE) strata (Xiao et al., 2016). The Wonoka Formation captures most of the SE δ13Ccarb excursion except the initial decline in δ13Ccarb at the start of the excursion. We sampled Parachilna Gorge section (S 31° 9' 51.6' E 138° 31' 43.2'') which is roughly equivalent to a Parachilna Gorge section reported in Husson et al. (2012) (Husson et al., 2012). 
Cerro Rajón section, Northern Mexico. The type section of the Clemente Formation is found in outcrops of Cerro Rajón of Northwestern Sonora, Mexico, to the south of the town of Caborca. The Clemente Formation occurs within a succession that span the late Neoproterozoic to the latest Cambrian Furongian series. Dominant sedimentary lithologies include dolostone, shale and quartzite with minor chert, basalt and limestone. The Clemente Formation occurs above the Caborca Formation at Cerro Rajón and consists of ∼200 m of siliciclastic facies with minor dolomite, sandy dolomite and limestone (Stewart et al., 1984). Approximately 133 m above the Clemente–Caborca contact lies a 2.6-m-thick carbonate bed composed of oolite and finely laminated micrite. The oolite is dolomite and the formerly aragonite fan-bearing beds above the oolite are a mixture of dolomite and calcite. Carbonate beds overlying the oolite facies are the only units from this study with significant calcite, though the section is predominantly dolomite. A large negative carbon isotope excursion occurs within the oolite bed (Fig. 1c-d), with δ13Ccarb values down to ∼−10‰. The carbonate oolite bed has been identified in nearly all mountain ranges of the Sonora region that host the Clemente Formation (Stewart et al., 1984) and display strikingly similar expression of the δ13Ccarb record in each of these oolite beds. Above the oolite bed, the Clemente Formation returns to primarily siliciclastic strata of alternating shales and quartzites with minor thin sandy dolostone beds. The Clemente Formation is conformably overlain by the ∼75 m thick fine- to medium-grained and commonly cross-bedded Pitiquito Quartzite (Stewart et al., 1984). 
The occurrences of Cloudina in the overlying La Ciénega Formation give a late Ediacaran age of ca. 550 million years (Corsetti and Hagadorn, 2000; McMenamin, 1996; Sour-Tovar et al., 2007). While the presence of macroscopic body fossils and horizontal burrows below the Clemente Formation suggests an age <575 million years ago for the Clemente Formation (McMenamin, 1996; Narbonne, 2004). Given current age ranges for the SE are between 575 to 550 (Condon et al., 2005; Rooney et al., 2020), the δ13Ccarb excursion of the Clemente section likely represents the SE, given that there is no other δ13Ccarb excursions of this magnitude known from this time interval. 
The Clemente oolite bed which marks the onset of the δ13Ccarb excursion is considered a marker bed and has been linked by lithostratigraphy with an oolite bed in the Johnnie Formation in Death Valley (Verdel et al., 2011). Palaeomagnetic results from the Wonoka Formation in South Australia, and from Death Valley, California, demonstrate that the nadir of their respective δ13Ccarb excursions are coincident with a correlative polarity transition at each locality (Minguez et al., 2015). By extension this implies that the Clemente and Johnnie formations δ13Ccarb excursions are likely coincident with the Wonoka δ13Ccarb excursion suggesting the δ13Ccarb excursion at each locality represent the SE. 	
Death Valley section, southwest USA. The measured section from the Johnnie Formation was derived from Saddle Peak Hills, Death Valley, USA (N 35° 45.439’ W 116° 20.936’) and is purported to capture the SE (Bergmann et al., 2011; Kaufman et al., 2007; Minguez et al., 2015; Pruss et al., 2008; Verdel et al., 2011), which is based via lithostratigraphic links to the Clemente Formation via an oolite marker bed which represents the onset of the δ13Ccarb excursion. At the bottom of the section is massive grey dolomite. Above this is a series of alternating sandstone/siltstone beds with dolomite cement until the Johnnie Oolite at ~ 40 meters, which marks the bottom of the Rainstorm Member. The oolite is a pervasive marker bed throughout the Death Valley Region, with parallel sedimentology and geochemistry noted at several locations and contains up to approximately 30% cement (Corsetti and Kaufman, 2003). The Johnnie Oolite in Death Valley has also been tentatively correlated to an oolite marker bed (Fig. 1c-d) from the Clemente Formation in Northern Mexico which captures the onset of the SE (Loyd et al., 2013) and is represented in this study. Above the oolite in the Johnnie Formation, the sedimentology sharply transitions to sandstone with dolomite cement until the top of the section. The sandstone consists of abundant hummocky cross-stratification, multiple lag deposits containing rip-up clasts and ooids, and several interbedded carbonate grainstones. 
Jiulongwan and Sishang sections, South China. The Ediacaran Yangtze Platform in South China was a passive continental margin, which preserves a shallow rimmed platform, slope, and basin environment along a northwest–southeast transect (Jiang et al., 2011). The Doushantuo Formation was deposited in shallow to deep waters on the Yangtze Platform following the Marinoan global glacial event (Condon et al., 2005). The Doushantuo Formation was deposited for ~84 Myr, across most of the Ediacaran Period, based on U–Pb ages of 635.2 ± 0.6 and 551.1 ± 0.7 million years old derived from ash beds at its base and top (Condon et al., 2005). However, a slightly older age of ~560 million years was recently suggested for the top of the Doushantuo Formation based on stratigraphic correlation of the Miaohe Member of the Doushantuo Formation in the Yangtze Gorges area (An et al., 2015) and Re-Os dating (Rooney et al., 2020). The Doushantuo Formation is also known for its fossil animal embryos (Yin et al., 2007), macroscopic algae (Yuan et al., 2011), and abundant acritarchs (McFadden et al., 2008), marking milestones in eukaryotic evolution and, more generally, the historical march from simple to complex life. 
	At the Jiulongwan section, the base of the Doushantuo Formation is defined as Member I which represents a 5-m-thick cap dolostone overlying the Nantuo/Marinoan glacial diamictite. Above this is Member II which is characterised by 70 m of alternating organic-rich shale and dolostone with abundant chert nodules. Member III is 70 m of dolostone and bedded chert in the lower part, which passes up-section into alternating limestone-dolostone. Member III hosts a large δ13CCarb excursion with values dropping from around 5‰ to -10‰ and is regarded to be the type SE section in South China and preserves 87Sr/ 86Sr values consistent with other global occurrences of the SE (Xiao et al., 2016). The rising limb of the δ13CCarb excursion occurs through Member IV which is a 10-m-thick black shale that is widespread across the Yangtze Gorges area and defines the lithological boundary between the Doushantuo Formation and the overlying Dengying Formation. The lowermost Dengying Formation is defined by the Hamajing Member which comprises ~10m of dolostone. Immediately above the Hamajing Member is the Shibantan Member which is comprised of limestone (Fig. 1b). 
The Sishang section is located near Shuijinping village, Sishang town, Xixiang county, southern Shaanxi province (N32°51’05.7”, E107°54’08.2”) and palaeogeographically belongs to the northern margin of the Yangtze platform. The measured Doushantuo section starts with a 30 m dark-grey thin-bedded limestone interval with thin (millimetre-scale) interbeds of dark calcareous shale that decrease upward. The limestone interval is overlain by about 3 m of dolostone with a 15 cm unit of black shale at its top (Fig. 1g), followed by thin bedded grey limestone also with millimetre-scale shaly interbeds (Fig. 1g). The limestone interval is about 70 m thick and a small fault truncates the δ13CCarb excursion. The δ13CCarb values in the lower most limestone interval is positive but fall to −10.8‰ within 2 m at the top of the limestone interval. Within a 25 m limestone interval in the middle of the section the δ13CCarb values are consistent with very negative values around −8.5‰. The critical transition of δ13CCarb values from −8.5‰ to +2.3‰ is missing in the section because of a fault (Fig. 1g).
Mochia-Khutuk section, North-western China. The measured section of the Ediacaran Shuiquan Formation was derived from Mochia-Khutuk  (41°26 '29 "N, 87°51' 47" E), Xinjiang province, Northwest China. The Shuiquan Formation sits within the Quruqtagh Group which is bracketed between Neoproterozoic stromatolitic dolostone and basal Cambrian black chert and phosphorite of the Xishanblaq Formation. It consists of >3 km-thick, predominately siliciclastic sediments, possibly representing a Neoproterozoic succession deposited in a rift basin following the breakup of Rodinia at ca. 750 Ma. Carbonates carrying a large δ13CCarb excursion occur within the Shuiquan Formation towards the top of the Quruqtagh Group. The Shuiquan Formation is bounded by the 615 ± 6 Ma Tereeken Formation (Xu et al., 2009) and the overlying Hankalchough Formation (Xu et al., 2009) which in turn lies below basal Cambrian phosphorites and cherts (Dong et al., 2009; Yao et al., 2005). Radiogenic 87Sr/86Sr ratios of Shuiquan carbonates are between 0.710189 and 0.713479 which are common in Ediacaran strata. The Shuiquan Formation conformably overlies the dark grey siltstone/mudstone of the Yukengou Formation and is divided into five lithological units. Unit 1 consists of intercalated thin-bedded microcrystalline limestone and shale, with reddish thin- to medium-bedded coarse crystalline dolostone toward the top. Unit 2 is composed of medium- to thickly bedded laminated limestone and unit 3 is characterised by alternations of limestone and marl. Unit 4 is composed of thinly bedded limestone with some degree of silicification. The top of Shuiquan Formation (unit 5) is mainly composed of black calcareous siltstone intercalated with thin-bedded lime mudstone layers. In addition to an Ediacaran age, correlation of the δ13CCarb excursion in the Shuiquan Formation with the Shuram Excursion may be supported by decoupled δ13CCarb and δ13Corg (Wang et al., 2022) which is not common in other Ediacaran δ13CCarb excursions (Li et al., 2017). 
Supplementary Information 2: Preservation of 87Sr/ 86Sr signatures
Strontium isotope values and trends from the Jiulongwan and Parachilna Gorge sections are consistent with other global SE sections (Xiao et al., 2016). Strontium isotope data from the Cerro Rajón and Death Valley sections display highly radiogenic values not typical of seawater Sr isotope values (Shields and Veizer, 2002), but rather values more typically found in clays. Given there was no statistically significant correlation of Rb and Sr or Rb and 87Sr/ 86Sr in our Sr extractions (Bellefroid et al., 2018) (R = -0.03; P(𝛼) > 0.01; R = +0.69; P(𝛼) > 0.01; R = -0.3; P(𝛼) > 0.01; R = -0.37; P(𝛼) > 0.01) from the Cerro Rajón and Death Valley sections respectively, we conclude that the 87Sr/ 86Sr values were not contaminated during extraction and therefore represent diagenetically altered carbonate signals. 

Supplementary Information 3: Preservation of primary CAP signatures

3.1 Carbonate diagenesis model   
The extreme shift in δ13Ccarb across the SE has incited extensive screening of carbonates across this interval, to determine its primary vs. secondary origins e.g., (Cui et al., 2021; Husson et al., 2015; Husson et al., 2020). The sections analysed in this study have all been systematically analysed and the conclusion of little secondary alteration has been reached across most studies (Li et al., 2017; Loyd et al., 2012b; Shi et al., 2018; Xiao et al., 2012). In particular, recent in-situ isotopic analysis of individual carbonate grains and lithologies in Shuram sections from southern China and Australia have shown that there was minimal secondary carbonate precipitation within the sediment pile and carbonate minerals likely captured seawater chemistry (Cui et al., 2021; Husson et al., 2020). Similarly, the preservation of near primary Ca isotopic compositions of carbonate from multiple global SE sections has been taken as evidence by some for minimal exchange with extraneous fluids (Busch et al., 2022; Husson et al., 2015; Tostevin et al., 2019a). Moreover, the sections here analysed have been previously analysed for δ34S of carbonate associated sulphate (Fike et al., 2006; Li et al., 2017; Loyd et al., 2012b; Shi et al., 2018), and carbonate bound uranium isotopic compositions (δ238U) (Li et al., 2020; Tostevin et al., 2019b; Zhang et al., 2018a; Zhang et al., 2019), which show globally correlated trends that are difficult to reconcile with diagenetic alteration, given diagenetic alteration is highly variable based on local pore water chemistry. 
In the Phanerozoic aragonite to calcite transitions is observed to decrease CAP values during early diagenesis (Dodd et al., 2021), likely due to a lower distribution coefficient for CAP in calcite relative to aragonite (Dodd et al., 2021). It was also observed that low-temperature dolomitisation of calcite in a rock-buffered environment (Ehrenberg et al., 2006; Veillard et al., 2019) did not alter the CAP values in the modern Marion carbonate (Dodd et al., 2021). This supports the notion that transformation of calcite or aragonite to dolomite in low-temperature, rock-buffered environments can preserve carbonate chemistry and information on seawater chemistry (Chang et al., 2020). Therefore, even if dolomite is replacive after aragonite or calcite, its early diagenetic formation would capture seawater chemistry. Therefore, Precambrian dolostones may be well suited to preserve primary CAP signatures like modern ocean carbonates. 
Given CAP, like the incorporation of other trace elements into carbonate, is dependent upon mineral specific distribution coefficients, changes in the dominant carbonate mineral will produce changes in CAP values while the surrounding solution phosphate concentration remains constant (Dodd et al., 2021). While dolomitisation of calcite in the modern, Marion carbonate platform shows little effect on CAP values, we still consider the potential effects of alternating carbonate mineralogy on CAP trends during the SE. In three of the six sections analysed calcite and dolomite are found to alternate up section. The alternation of calcite and dolomite in these sections may affect the observed CAP trends. In the Wonoka, Mochia-Khutuk and Sishang sections however the samples are almost entirely calcite and preserve an increase and decline in CAP values across the SE solely in calcite. The same CAP trends in wholly calcite sections strongly supports the premise that dolomite is capturing ocean chemistry in a similar fashion to calcite. Additionally, CAP appears to transition across mineralogical boundaries in the sections analysed which shows increasing CAP values in calcite before transitioning into dolomite which continues the upward trend. We can therefore be confident that the CAP trends are not a result of preferential mineral preservation. 
Multiple independent petrological and geochemical tools have been applied to the sections here analysed which argue for preservation of near primary carbonate geochemistry (see above). Correspondingly, the preservation of similar CAP trends in six global sections also strongly suggest the nature of the CAP values and trends are due to oceanographic changes and not diagenetic processes. This is because it is difficult to reconcile globally synchronous diagenetic alteration, given diagenetic alteration is highly heterogeneous and local in nature. Nevertheless, global sea level change is often cited as a plausible mechanism to drive globally synched carbonate alteration (Swart, 2008; Swart and Kennedy, 2012). In these instances, global sea level fall was purported to have exposed carbonate sediments to meteoric waters and alteration. This is, however, difficult to reconcile with the SE interval given this period represents a marine transgression event (McFadden et al., 2008; Osburn et al., 2015). 
While there are no current analogues for globally synchronous carbonate alteration during a marine transgression, we entertain the possibility that carbonates were globally and synchronously altered during the SE. Below we explore diagenetic alteration of the carbonates and the observed CAP trends using an open-system fluid-rock interaction model after Jacobsen and Kaufman (1999). 
The model uses the relative concentration of the element of interest (and where applicable its isotopic composition) in the carbonate and altering fluid (be it seawater or pore water; sometimes ascribed to fluid and sediment-buffered diagenesis respectively (Ahm et al., 2018; Bryant et al., 2022)), along with the observed distribution coefficients for each element in carbonate and the mass ratio of diagenetic fluid to rock to calculate the order of alteration for elements in carbonate. Distribution coefficients for all elements are for calcite. Distribution coefficients for Fe, Mn, Sr were taken from Veizer (1983), U(IV) from Sturchio et al. (1998), CAP from Dodd et al. (2021). U(VI) and IO3 were calculated using the concentration of U (13.9nM) and I (500nM) in seawater and a typical carbonate concentration of 4 ppm U and the highest I/ (Ca+Mg) μmol/mol values in modern ocean carbonates of 11.6 (Hardisty et al., 2017). The distribution coefficient for CAS was calculated assuming the maximum observed CAS concentration in modern carbonates of 10,000ppm and a fluid sulphate concentration of 28mM after the modern ocean value. 
For open-system exchange between fluid and carbonate, the concentration of the element of interest in carbonate (Cir) can be calculated as follows:
Cir =								(1)
Where Di is the distribution coefficient, Ciw0 is the concentration of the element in the diagenetic fluid initially, Cir0 is the concentration of the element in the carbonate initially, and N the mass ratio of fluid to rock.
	For open-system exchange between fluid and carbonate, the isotopic composition of the element of interest in carbonate (δir) can be calculated as follows:
δir = 							         (2)
Where δiw0 and δir0 is the isotopic composition of the element of interest in the diagenetic fluid and carbonate initially and Δi = δir - δiw. 
For open-system exchange between fluid and carbonate, the radiogenic isotope ratio of an element of interest in carbonate (αir) can be calculated as follows:
αir = 							   	       (3)
	The results of the diagenetic fluid-rock interaction model show that CAP is more resilient than CAS and Sr and is altered at fluid to rock ratios which overlaps with carbonate-bound iodine and carbon, calcium, strontium and uranium (VI) isotopic alteration (Extended Data Fig. 1). Iron and manganese are more resilient to alteration than CAP; however, alteration of iron, manganese and CAP are expected to overlap and therefore produce covarying trends under alteration. Under modern seawater DIC concentrations carbonate alteration would not create a significant correlation between CAP and δ13C, however typically DIC is significantly higher in sedimentary pore waters due to the remineralisation of organic matter. At these higher DIC concentrations, CAP and δ13C produce a stronger correlation. The relative resilience of CAP to alteration compared to other geochemical proxies in carbonate indicate alteration can be, but not always, identifiable via covarying elemental and isotopic trends. Elements may undergo independent alteration of one another depending on the chemistry of the altering fluid. That said, certain elements such as CAP and δ13C commonly correlate in diagenetic pore fluids (Egger et al., 2015). Using these quantitative relationships, we explore the possible diagenetic effects on the observed CAP trends. 

3.2 Diagenetic model predictions for CAP and δ13C values during organic matter remineralisation in pore waters
	
Carbonate across the SE record a huge range in δ13C values yet surprisingly invariable CAP values among the most enriched and depleted δ13C carbonate. Note however that CAP values do increase with increasingly depleted δ13C values at the initial falling limb of the SE, however they rapidly decline and remain low when the more negative δ13C values are reached. We explore this phenomenon using a diagenetic fluid-rock interaction model assuming various degrees of carbonate alteration or precipitation of authigenic carbonates during the SE and its resultant impacts on CAP and δ13C values in Extended Data Fig. 1d. 
The average δ13C value for organic matter in SE sediments is -30‰, therefore the maximum δ13C value for diagenetic pore water would be around this value, unless one invokes the addition of methane or hydrocarbons entering the sediment from some extraneous source, in which case maximum δ13C values could have reached -70‰ or lower. For our model we assume scenarios of -15, -30‰, and -70‰ which covers an extreme range. Dissolved inorganic carbon concentrations of 2 and 40mM are used, which are common ranges found in modern diagenetic pore waters. The model shows that the higher the DIC concentration and more δ13C depleted the pore waters are, the smaller the relative change in CAP will be between the two end-member values of +5 and -12‰ across the SE. In all scenarios CAP should be on average higher in the more δ13C-depleted carbonates. Yet, the correlation between δ13C and CAP in carbonate across the SE is negligible (R = 0.014) (Extended data Fig. 1d). 
If we assume the source of the δ13C depletion is extraneous hydrocarbons or methane oxidation (which releases no P), P concentrations (and therefore CAP) in carbonate and water carrying δ13C values of -12‰ would still be expected to be higher than P concentrations in waters where carbonate carrying +5‰ form. This is because methane or hydrocarbon oxidation will intrinsically increase the reducing power of the surrounding waters and therefore the reductive dissolution of iron-oxyhydroxides and solubility of P (Ruttenberg, 2003). In the methanogenic window P concentrations may decrease due to vivianite formation however in this window pore water δ13C is typically enriched, not depleted (Egger et al., 2015; Loyd et al., 2012a). Consequently, if carbonate chemistry across the SE was controlled by diagenetic pore waters some mechanism must have been sequestering P in δ13C-depleted and anoxic pore waters within the sediments in order to decouple P and δ13C. In turn, this would decouple the P and O2 cycles.    

3.3 Diagenetic model trends arising from carbonate and pore water chemistry 

From observation of modern marine sediments, the geochemical properties of pore fluids can be reasonably estimated. As a result of microbial processing of organic matter within the sediment pile, pore fluids become progressively reducing with depth, leading to increasing dissolved concentrations of dissolved inorganic carbon, manganese, iron, phosphate and hydrogen sulphide (Loyd et al. 2012 and references therein). This is accompanied by decreasing sulphate and iodate concentrations, increasing δ34S of residual sulphate and depleted δ13C signatures (until the methanogenesis zone where δ13C may become enriched). Following these predictable trends in pore fluid chemistry, if carbonates underwent alteration in pore fluids, we should expect to find correlations between δ13C, δ34S, Fe, Mn, IO3, CAP and δ238U.
	The SE records a large depletion in carbonate δ13C values, which could have resulted from diagenetic alteration of carbonates in pore fluids depleted in δ13C values (Derry, 2010; Grotzinger et al., 2011; Schrag et al., 2013; Swart and Kennedy, 2012). Given the aforementioned traits of pore water, depleted δ13C values should be accompanied by elevated δ34SCAS, δ238U, CAP, (and possibly Fe and Mn depending on the dominant biogeochemical zones) and depleted IO3 concentrations. The falling limb of the SE records increasing δ238U and CAP values which is consistent with U reduction in reducing pore fluids and P release during organic respiration (Zhang et al., 2019). However, δ34SCAS decreases which is not consistent with the expected properties of reducing pore fluids, similarly in some SE sections carbonate-bound iodine increases at the onset and during the δ13C decline, again inconsistent with reducing conditions (Hardisty et al., 2017; Osburn et al., 2015; Shi et al., 2018). Given the diagenetic model predicts carbonate-bound iodine and δ34SCAS are readily altered before or in tandem with CAP it is unlikely that CAP was altered in reducing pore fluids given these other geochemical proxies do not record reducing pore fluids. Moreover, CAP shows a significant decline during the most negative δ13C values of the SE which is inconsistent with the expected chemistry of pore fluids. This could be reconciled with δ13C being derived from anaerobic methane oxidation which may not result in high phosphate pore fluids but would be expected to preserve highly positive δ34SCAS values, low sulphate concentrations and high Mn concentrations. Yet carbonates during the SE have increasingly depleted δ34SCAS values, and higher CAS concentrations than carbonates preceding the SE (Li et al., 2017; Shi et al., 2018) and low Mn concentrations (Li et al., 2017). Similarly, previous carbonate diagenetic studies and models predict that CAS should not increase during diagenetic carbonate alteration (Bryant et al., 2022; Gill et al., 2008). 
The second CAP peak occurs during a shift from depleted to enriched δ13C values which is not an expected trend in pore fluid chemistry, unless the sediments enter the methanogenesis zone where P may be high and δ13C increases as a result of methanogenesis. However, typically pore water P decreases in the methanogenesis window due to vivianite formation under high Fe2+ concentrations (Egger et al., 2015). If these carbonates were altered in fluids formed in the methanogenesis window we would expect to see some correlation between CAP and Fe/ Mn/ CAS concentrations and highly positive δ34SCAS, but these are not observed (Extended Data Table 1) (Loyd et al., 2012a). 
	In summary the geochemical properties of carbonate during the SE are inconsistent with the expected and observed properties of diagenetic pore fluids. Given the diagenetic model shows other geochemical proxies should have been altered before or in tandem with CAP (and show no correlation with predicted pore water chemistry) it suggests that CAP values were unlikely to have been altered in reducing pore waters or during carbonate authigenesis. 	 
	Notably, CAP alteration could be expected to correlate with δ238U(VI) alteration according to the diagenetic model (Extended Data Fig. 1). Given the δ238U trend in the SE is hosted in both shales and carbonates and its redox trend is independently verified by other independent redox proxies, including carbonate bound iodine, Fe-speciation, thallium isotopes and molybdenum isotopes (Canfield et al., 2007; Fan et al., 2020; Hardisty et al., 2017; Kendall et al., 2015; Wood et al., 2015), it is likely the redox trend recorded by δ238U is primary. Therefore, by extension we can infer that the CAP trends like the δ238U trends are primary records of seawater chemistry, as CAP is expected to be altered at similar fluid-to-rock ratios as δ238U. 
We note however, that a number of δ238U values from the reported SE sections exceed the bulk silicate earth value, requiring diagenetic enrichment of a δ238U (Zhang et al., 2019). This enrichment has been documented in modern Bahamian carbonates to be around 0.27‰ during early diagenesis, but such enrichments do not eliminate first-order trends (Chen et al., 2018). Importantly, the remarkable consistency in δ238U values between our globally distributed sections is difficult to reconcile with significant variability in local δ238U enrichment during carbonate diagenesis at individual sites. 
Global redox proxies such as δ238U are expected to give consistent trends between global sections but may also result from a globally synchronous diagenetic event. Conversely, local redox proxies such as carbonate bound iodine and Ce/ Ce* are expected to be heterogenous at a global scale, capturing local redox conditions. Therefore, if a global diagenetic event were to have occurred, local redox proxies would be expected to produce similar trends which were controlled by the diagenetic event. Moreover, global and local redox proxies would likely record the same redox conditions which would be that of their diagenetic environment. However, carbonate from the sections analysed in this study show contrasting local and global redox proxy trends. For example, carbonate bound iodate, has been observed to increase at the onset of some SE sections, in tandem with increasing δ238U values, but not in the Jiulongwan and Death Valley sections (Hardisty et al., 2017; Wei et al., 2019), where only δ238U values increase.  Similarly, Ce/ Ce* has trends which vary in magnitude and directionality across different SE sections (Cheng et al., 2022). Consequently, carbonate hosted redox proxies do not support a global diagenetic control on carbonate chemistry, Again, as CAP is expected to be altered at similar fluid-to-rock ratios as carbonate bound iodate and δ238U, we conclude that CAP trends also reflect primary chemistry. 

3.4 Carbonate phosphatisation 
	Late-stage phosphatisation of carbonates has been observed to alter CAP values in modern carbonate platforms (Dodd et al., 2021). It was observed that phosphatised carbonates have high Mn/Sr values  relative to non-phosphatised sediments which reveal a correlation between degree of CAP alteration and Mn/ Sr (Dodd et al., 2021). Therefore, if the sediments underwent variable post-burial phosphatisation, then CAP may correlate with indicators of alteration such as Mn/ Sr, yet no statistically significant correlations are observed in the samples (Extended Data Table 1). Additionally, we would expect a strong correlation with bulk rock P (indicative of phosphitisation), however correlations are weak, have high variance and are not statistically significant, after accounting for outliers (Extended Data Table 1).
There is a statistically significant correlation between CAP and bulk rock P in the Jiulongwan section, after removing outliers (Extended Data Table 1). This may highlight problems with the extraction method. Conversely, positive correlations between CAP and bulk rock P could be a primary geochemical signature which can arise when oxic-suboxic bottom waters underly productive oceanic margins. In these settings ocean phosphate concentrations are high, which drives high productivity that delivers large quantities of P to the sediments as organic P. Under oxic-suboxic bottom water conditions the organic phosphorus is converted to Fe-bound P and subsequently phosphate minerals (Delaney, 1998; Filippelli, 2011; Föllmi, 1996; Ingall et al., 1993; Ruttenberg, 2003). Therefore, in these settings high ocean phosphate concentrations give rise to high CAP values, and high bulk P would reflect enhanced P trapping by Fe under oxic-suboxic bottom water conditions (Delaney, 1998; Filippelli, 2011; Föllmi, 1996; Ruttenberg, 2003).  Consequently, positive correlations between bulk P and CAP are not necessarily indicators of sample alteration or contamination of the CAP extract. 
To discern between the different possibilities of correlation between CAP and bulk rock P we can compare the correlations of CAP with La as a proxy for leaching of phosphate minerals. As can be seen in Extended Data Table 1 there is no statistically significant correlation between CAP and La suggesting minimal leaching of P from phosphate minerals. While there is significant correlation between bulk rock P and bulk rock La, demonstrating the leaching of P from phosphate minerals within the sediment (Extended Data Table 1). Therefore given the lack of correlation between La and CAP we conclude that CAP values represent near-primary chemical records (Chang et al., 2020) and that extraction of CAP was not contaminated.
Finally, phosphatisation commonly occurs along hardgrounds or lithological changes, therefore, changes in CAP trends at lithological boundaries might imply a diagenetic control on the CAP trends. While there are CAP shifts at lithological boundaries in some of the studied sections these lithological shifts are not between similar lithologies at each section nor are they correlated to CAP shifts in all sections (Fig. 1). This is not consistent with a globally connected shift in lithology and diagenetic regime shifts as a control on CAP and carbonate chemsitry. 

Supplementary Information 4: Controls on CAP values

CAP like other trace elements in carbonate is controlled by solution chemistry. In order to evaluate whether changes in ocean chemistry could explain the observed CAP trends and relative values we explore below key variables which have been shown to affect CAP and other trace elements in carbonate. 
A number of hypotheses for the Shuram Excursion centre on the oxidation of organic matter which may result in higher atmospheric CO2, which in turn may have lowered ocean pH during the SE (Extended Data Fig. 6m). Following redox data and our model results of the SE, modern ocean relationships between bottom water anoxia, sedimentary P burial and ocean P fluxes predict that ocean P during the SE is expected to half in concentration when ocean anoxia was low, relative to when ocean anoxia was high before and after the SE (Extended Data Fig. 3-7). Consequently, in order for pH alone to double CAP values during the SE (whereby creating the illusion of equable P concentrations under maximum and minimum ocean anoxia), ocean pH would need to have dropped by >1.1-1.2 units. A pH change of this magnitude is extreme, considering the relative changes in pCO2 in our model runs for DOM oxidation (Extended Data Fig. 6m), would result in a pH change of no more than 0.7 units (following the Henderson–Hasselbalch equation). This maximum change in pH is an extremely conservative maximum, considering negative feedbacks from reverse weathering in the silica-rich Precambrian oceans, would have strongly resisted any pH changes resulting from changes in pCO2 (Isson and Planavsky, 2018). Moreover, if oxidation of organic matter proceeded via sulphate reduction (in order to achieve net gains in atmospheric O2 while simultaneously oxidising organic matter), half of all organic carbon oxidised would be transformed to bicarbonate, effectively halving CO2 release and pH shifts. As a result, we consider the pH effects on the CAP trends to have been insufficient to explain the equable CAP values under maximum and minimum ocean anoxia across the SE.     
Given the SE may represent the remineralisation of organic matter and release of bicarbonate to the oceans, we also explore the effects of alkalinity or [CO32-] concentration on CAP uptake by carbonate (Ingalls et al., 2020). A suite of controlled precipitation experiments found CAP displays a negative relationship with alkalinity (Extended Data Fig. 9a). Other work has suggested CAP values increase with alkalinity (Ingalls et al., 2020), however this previous study did not take into consideration the much larger P concentrations in alkaline lakes relative to seawater, which likely impacted CAP values. If the SE represented a net gain in seawater alkalinity following the remineralisation of organic matter, CAP values would be expected to decrease during the SE if alkalinity was the strongest control on CAP values. Given modern P and O2 cycles predict that ocean P concentrations would decrease during the SE, the effects of alkalinity on CAP would reinforce this decline in CAP values and could not explain the equable CAP values under minimum and maximum extents of anoxia.   
As outlined above the remineralisation of organic matter may have changed the carbonate saturation state of the oceans during the SE, if so, carbonate precipitation rates may have been impacted. It has been previously shown that carbonate precipitation rate affects the distribution coefficient for trace element uptake by carbonate. We tested the effects of precipitation rate on CAP using controlled experimental precipitation experiments and find that increasing precipitation rates leads to lower CAP values in carbonate (Extended Data Fig. 9b). The experimental data show that an increase in precipitation rate of 95 times resulted in a 25% lower CAP value. As discussed above an increase in alkalinity resulting from the remineralisation of organic matter might increase carbonate precipitation rates during the SE, if true, an increase in precipitation rate would lead to decreasing CAP values. As outlined above, increasing precipitation rates and/ or alkalinity would only act to decrease CAP values during the SE, which would reinforce the predicted trends of modern ocean P and O2 cycling. Conversely, CAP trends do not decrease below levels before or after the SE supporting the premise that P and O2 cycling during the Ediacaran were decoupled.      
If the CAP values are primary, changing sea levels at the investigated sections could create the illusion of changing ocean phosphate concentrations, given phosphate in the modern ocean varies as a function of depth. This is however not feasible for the samples analysed in this study. Firstly, in the Clemente section of northern Mexico, the SE initiates in oolitic, shallow marine facies carbonate and the SE is expressed in little over 10 m of stratigraphy, where there is no clear stratigraphic evidence of drastic deepening from shallow to 200 m (well below storm wave base). Secondly, if sea level fluctuations changed the relative concentrations of phosphate at the depositional sites, this would lead to correlations between δ13CCarb and CAP given the observed and predicted correlation of δ13C of dissolved inorganic carbon (DIC) and phosphate in the oceans (Broecker and Maier-Reimer, 1992). There is no statistically significant correlation between CAP and δ13CCarb in the samples analysed to support this (Extended Data Table 1). 
Taken together, discussion in Supplementary Information 3 and above, we conclude that the observed CAP trends from six global sections in this study are reliable representations of oceanic phosphate change at the time of sediment deposition.

[bookmark: OLE_LINK8][bookmark: OLE_LINK9]Supplementary Information 5: Age framework of the Shuram event
[bookmark: OLE_LINK12][bookmark: OLE_LINK13]The age of Shuram event is currently debated. Traditionally, the Shuram event has been thought to terminate at the top of the Member IV of the uppermost Doushantuo Formation, South China, which is comprised of black shales and has been constrained by a zircon U-Pb age of 551.1± 0.7 Ma (Condon et al., 2005). However, a slightly older age of ~560 million years was suggested for the top of the Doushantuo Formation based on stratigraphic correlation of the Miaohe Member of the Doushantuo Formation in the Yangtze Gorges area (An et al., 2015) and Re-Os dating (Rooney et al., 2020).
Stratigraphic analyses and Sr isotope data suggest that the Shuram event is younger than the ~580-Ma Gaskiers glaciation in South China (Sawaki et al., 2010), which has been correlated to a stratigraphic break (i.e., the negative δ13CCarb excursion of EN2; c.f., McFadden et al. (2008) for definition of δ13CCarb excursions in Doushantuo Formation) located immediately below the positive δ13CCarb excursion of EP2 in the Doushantuo Formation (Condon et al., 2005). Although not a global occurrence, the regionally extensive glacial deposits of the Gaskiers mark an ice age at several paleo-continental blocks, including Newfoundland, Tasmania, Massachusetts (USA), Scotland and Norway, but do not appear in South China (Pu et al., 2016). U-Pb zircon ages obtained from ash-beds below, within, and above the glacial deposits indicates that the Gaskiers glaciation can be best timed to ~580 Ma (Bowring et al., 2003). Further high-precision geochronological data from eastern Newfoundland bracket the glaciation to between 579.63±0.15 Ma and 579.88±0.44 Ma (Martin et al., 2000). Globally, Ediacaran fossils occur in abundance in Ediacaran strata from ~575 Ma—about 5 m.y. after the Gaskiers glaciation, which is often marked by the onset of the distinctive SE (Bowring et al., 2003). 
New Re-Os ages and astrochronological evidence provide different age estimates for the Shuram event. They suggest the start of the Shuram event to be at 574.0±4.7 Ma (Rooney et al., 2020; Yang et al., 2021) or 570.2±1.1 Ma (Gong and Li, 2020), and the end of the Shuram event at 567.3±3.0 Ma (Rooney et al., 2020) or 562.5±1.1 Ma (Gong and Li, 2020). Alternatively, radiometrically well-dated siliciclastic sediments carrying carbon isotopic compositions suggested to capture the SE in Newfoundland, may provide an age range of 571 to 562 Ma for the SE (Canfield et al., 2020). On closer examination, the differences between the ‘traditional’ and ‘new’ views mainly lie in their different definitions of the duration of the Shuram Event. For the ‘traditional’ definition, the start of the SE was set at the beginning of the negative δ13Ccarb excursion as it moves from the pre-Shuram steady state, characterised by generally positive δ13Ccarb values. Similarly, the end of the Shuram event was set at the point where the δ13Ccarb rebounds to the positive steady state. However, for the ‘new’ views, especially with regards to the astrochronological work in Gong and Li 2020, the Shuram starting age of 570.2±1.1 Ma is taken from when the δ13Ccarb record is at its minimum (e.g., −12 ‰), which is several million years later than the start of the Shuram event defined by the ‘traditional’ view. For the same reason, the end ages of the Shuram event of 567.3±3.0 Ma (Rooney et al., 2020) or 562.5±1.1 Ma (Gong and Li, 2020) used in the ‘new’ view are also much earlier than the ‘traditional’ view and do not include the return of the δ13Ccarb record to a positive steady state.
[bookmark: OLE_LINK6][bookmark: OLE_LINK7]Combining all the possibilities, the duration of the Shuram event is between ~10 million and ~25 million years. Following modelling work in Shields et al. (2019), the modelled duration of the SE is dependent on the size of a dissolved organic matter (DOM) reservoir, e.g., a DOM reservoir 30 times the present-day DIC reservoir can maintain a negative δ13Ccarb excursion by −10 ‰ for ~15 million years. For the sake of comparing model results to geochemical data we have adopted an age range of 575-560 million years for the Shuram event (i.e., a 15-Myr duration; Fig 3). Here we perturbed the COPSE model by changing the size of the DOM reservoir from 10, 20, and 30 times the present-day DIC reservoir. Extended Data Figure 4 shows that different sizes of DOM reservoir have some influence on the duration of the Shuram δ13Ccarb anomaly, for instance a larger DOM reservoir makes a longer duration of δ13Ccarb negative excursion. Nevertheless, only when the size of the DOM reservoir is no smaller than 30 times the present-day DIC reservoir, can it make a δ13Ccarb negative excursion lower than ca. −10 ‰ and produce δ13Ccarb values consistent with the geological record for a 15-Myr duration. Moreover, a DOM reservoir no smaller than 30 times the present-day DIC reservoir is necessary to recreate the observed CAP trends. Our preferred DOM reservoir size is therefore 30 times the present-day DIC reservoir for our modelling work as described below, which was chosen in previous works (Shields et al., 2019).
Supplementary Information 6: Iron-bound P burial in our revised COPSE model 
In this study we include an additional Fe2+-P burial mechanism into the COPSE model in order to fit the modelled ocean P reservoir trend to the CAP data (Extended Data Fig. 7) without changing the trends of other elemental cycles (Xiong et al., 2019). This mechanism should be viewed as a forcing on the model in order to breach our current gap in knowledge regarding P cycling in anoxic and oxidant depleted Precambrian oceans. Given the current uncertainty regarding if, and what mechanisms sequestered P in the anoxic Precambrian oceans, there remains unexplored impactors on Fe2+-P burial.  For example, our model does not consider the effects of ocean sulphate concentrations which can reduce Fe2+-P burial, especially vivianite formation (Xiong et al., 2019). However, we do consider a simple experiment where Fe2+-P burial is switched off following peak oxygenation during the SE following the premise that elevated SO4 concentrations during the SE may have reduced Fe2+-P burial (see blue line in Fig. 3). This experiment results in a larger second ocean P peak due to a decrease in P scavenging during a return to ocean anoxia. Despite these shortcomings, we consider the modification appropriate for this study, as it fits the model oceanic P trends to the CAP data while not significantly changing other elemental cycles, thus allowing us to reconcile observed geochemical characteristics of the SE with model outputs. Our model does not consider changes in apatite formation, such as saturation state, however the model already considers apatite formation as a function of biomass flux to the sediments (Lenton et al., 2018) which is the primary source of P for apatite formation. Any changes in the efficiency of apatite or vivianite burial are likely to amplify or dampen the model trends but not significantly change trends. Note, all equations discussed in this study are provided and explained in Supplementary Tables 1-5.
In the standard COPSE model redox dependent burial of P results in elevated oceanic P when anoxia is high (Lenton et al., 2018):
					(4)
[bookmark: OLE_LINK1][bookmark: OLE_LINK2]where  and  are the mass of the marine phosphorus reservoir at time t and present day, respectively.  and  are constants, and . When the standard COPSE model is setup to capture Ediacaran ocean-atmosphere features such as low ρO2 and high ocean anoxia, the ocean P reservoir is initially large but then decreases to values roughly two times smaller during the peak of the oxygenation event (even under elevated P fluxes to the ocean; blue lines Extended Data Fig. 7) relative to periods of maximum ocean anoxia (blue lines Extended Data Fig. 7). This is in stark contrast with CAP data which shows the ocean P reservoir did not noticeably decrease below pre-excursion values. (Fig. 1). We therefore modified the iron-bound phosphorus burial equation (1) in the COPSE model to increase P burial under high levels of ocean anoxia, but while also allowing for increased P burial during a reduction in ocean anoxia. This modification allows the closet fit of the CAP and model data. We reiterate that this approach is not based on known quantitative relationships between ferrous iron and phosphorus burial and future work will be required to identify relationships between P burial and ocean anoxia. Our modification of the iron bound phosphorus burial flux does not significantly change the model output between model runs with and without Fe2+-P burial (except for mimicking the model ocean P levels and CAP trends) therefore still provides a reliable quantitative picture of biogeochemical changes while also mimicking the CAP data.  
In our modelling here, the iron-bound phosphorus reaching the sea water-sediment surface () is not buried directly (equation (1) in Methods), instead going through a geochemical conversion, which is dependent on the redox conditions of bottom and pore waters. Part of the iron-bound P burial that is adsorbed by ferric iron (), is buried negatively with ANOX (equation (2) in Methods) while the other portion of the iron-bound P burial flux adsorbed by green rust or vivianite () is buried positively with the squared ANOX (equation (3) in Methods). The final flux of iron-bound phosphorus burial () is the sum of the two (equation (4) in Methods). The part of phosphorus which is released during iron reduction but is not adsorbed by green rust or vivianite would be released back to the water column. Given , solving the equation of , the solution space of  is 75% to 100% of , and the minimum value of 75% of  when  while taking the maximum value of 100% of   when . 
	We varied the extent of Fe2+-P burial by assuming 1) it operated constantly throughout the model run and 2) Fe2+-P burial operated until minimum ocean anoxia was reached and didn’t restart until after the Shuram Excursion. The rationale for these scenarios is to capture the shifting levels of oceanic sulphate across the Shuram Excursion which may have impacted Fe2+-P burial by the removal of Fe2+ via pyrite burial. Lastly, we also considered the effects of alkalinity release during sulphate oxidation of DOM. Because bicarbonate and carbon dioxide are predicted to be released in equivalent abundances during sulphate reduction, the quantity of C released as CO2 during DOM oxidation may have varied. This would impact the effects of CO2 driven continental weathering and weathering P fluxes to the ocean. When bicarbonate is assumed to be released in 1:1 ratio with CO2 during DOM oxidation, the 1st CAP peak is reduced in magnitude due to a decrease in continental weathering and P weathering flux to the oceans. Other model outputs such as ocean redox remain largely unchanged. 

Supplementary Information 7: COPSE model testing of hypotheses for the observed CAP trends.
Hypothesis 1. Increased organic matter recycling. 
[bookmark: OLE_LINK14][bookmark: OLE_LINK15]Our CAP dataset shows a significant increase in marine phosphorus concentration during the SE which could be explained by a number of mechanisms. One explanation is that an increase in the availability of electron acceptors (e.g., sulphate) in the deep ocean could have led to increased organic matter remineralisation and lower transfer efficiency of a biological pump and, hence, an increased regenerative P flux to the surface ocean (Kipp and Stüeken, 2017; Laakso et al., 2020). 
In the modern ocean, biomass recycling within the water column regulates the oceanic P reservoir, giving rise to the classical Redfield ratios of C:N:P (Ruttenberg, 2003). Consequently, changes in the efficiency of biomass recycling will alter oceanic phosphate concentration (Kipp and Stüeken, 2017; Laakso et al., 2020). In the Ediacaran oceans, a dearth of oxidants could have restricted the regeneration of P from organic matter (Kipp and Stüeken, 2017; Laakso et al., 2020). Given evidence for a substantial increase in ocean sulphate during the SE (Fike et al., 2006; Li et al., 2017; Loyd et al., 2012b; Shi et al., 2018), biomass recycling could have increased. To address this scenario, we used the COPSE geochemical model (Lenton et al., 2018) to model an increase in biomass recycling by simulating an increase in ocean sulphate availability (Extended Data Fig. 2). This scenario is somewhat similar to oxidation of a DOM reservoir (Extended Data Fig. 2), however a crucial difference is that increased remineralisation of sinking biomass would be unable to drive a negative δ13C excursion below mantle values (~‒6‰) because of the need for carbon isotope mass balance between carbon buried as inorganic and organic carbon. In order to achieve a negative δ13C excursion below mantle values we assume that sinking biomass is remineralised within sediment pore waters where the isotopically depleted inorganic carbon that is generated from biomass oxidation is trapped and precipitates as authigenic carbonate (Schrag et al., 2013). 
In order to evaluate this hypothesis, we modelled organic matter remineralisation in pore-water environments and integrated it into the standard COPSE model (Extended Data Figure 2). Here the increase in the availability of electron acceptors is modelled by an additional sulphate pulse, which is the same as that in our DOM oxidation model in main text (also see Extended Data Fig. 6). The sulphate pulse is as follows:
                       (5)
Here the x is the additional sulphate pulse relative to the background weathering sulphate flux. The pulse of additional sulphate leads to increased sedimentary organic matter remineralisation, and release of phosphorus from organic matter back to sea water, but the released inorganic carbon from organic matter remineralisation was fixed in the pore water to form authigenic carbonate. Only in this fashion, can a negative δ13Ccarb signature appear in the carbonate record, as is seen for carbonates during the Shuram event. The equation of sedimentary organic matter remineralization as follows:
              		(6)
				(7)
Here the  is 250 which is roughly equal to the average ratio of sedimentary matter in modern ocean. Where  is the remineralisation flux of sedimentary organic carbon and  is the phosphorus recycling flux from the sedimentary organic matter remineralisation. Therefore, the new mass balance of marine phosphorus reservoir is estimated with following equation:
			(8)
Extended Data Figure 2 shows that the weathering sulphate pulse can drive a significant increase in marine phosphorus concentration, and then a significant decrease after the end of the sulphate pulse. 
In this model an increase in sulphate availability, and therefore sulphate-limited respiration increases the recycling of organic matter and pyrite burial, which decreases the burial of organic P and increases its availability in the water column. Elevated P-limited primary productivity and pyrite burial increases ρO2, however water column anoxia remains high due to oxygen consumption by organic matter. As the availability of oxidants decreases, biomass recycling and therefore P availability drops, decreasing productivity and therefore oxygen demand in the water column. Note, the model is run with an Fe2+-P scavenging flux in order to fairly compare model outputs with the DOM oxidation model which includes an Fe2+-P scavenging flux (Extended Data Fig. 7). By including and excluding Fe2+-P scavenging, the only major difference between model results is the ocean P reservoir size before and after the modelled event. In both models including and excluding Fe2+-P scavenging, the oceanic P reservoir trends follow the same pattern and all other model results are consistent between both cases. 
The modelled outputs (Extended Data Fig. 2) contrast with the observed CAP trend, which show a decrease in ocean phosphate during the carbon isotope excursion not afterwards. Similarly, the modelled oceanic oxygenation event occurs after the carbon isotope excursion not during as evidenced by redox proxies (Hardisty et al., 2017; Zhang et al., 2019). Consequently, increased biomass recycling does not provide the best solution for the observed changes in oceanic P during the SE. 
This modelling approach is however simplistic and likely does not account for size and rate dependent processes of sinking biomass fluxes, pore water diffusive fluxes, as well as a myriad of compounding effects on organic matter remineralisation within the ocean and pore waters. While these other unaccounted-for factors could change the model results, we can eliminate this scenario based on the CAP data. This is because if authigenic carbonates were forming within the sediments as a result of organic remineralisation, these carbonates would record pore water environments rich in P resulting from organic matter. Therefore, these carbonates would likely record diagenetic environments and have high CAP values that would negatively correlate with δ13CCarb values; however, this is not seen as expected (Fig. 1). Moreover, carbonates deposited during the SE record elevated iodate concentrations and increasingly positive δ238U (Hardisty et al., 2017; Li et al., 2020; Zhang et al., 2019), which indicate an increasingly oxidising and oxic parent solution for the carbonates, which is incompatible with anoxic pore waters where sulphate oxidation is occurring.  
Hypothesis 2. Elevated Phosphorus weathering driven by enhanced continental uplift  
Weathering of the continents is the only significant input of P to the oceans, consequently it is often cited as a driver for changes in ocean phosphate (Campbell and Allen, 2008). Given that an increase in 87Sr/ 86Sr during the Shuram event may suggest enhanced continental weathering at this time  (Sawaki et al., 2010), we explore the possibility that our CAP trends result from enhanced P weathering and input to the oceans. We explored the effects of weathering using the COPSE geochemical model (Lenton et al., 2018) by simulating topographic uplift and elevated weathering (Extended Data Fig. 2).
	Utilising the COPSE model and initial conditions used in other model runs in this study (Extended Data Figure 2) we simulated an event whereby uplift (U) increased, which increases the phosphorus weathering flux (Phosw) to the oceans (see equations in Supplementary Table 3). As can be seen in Extended Data Figure 2 elevated uplift fails to replicate the observed CAP trends, oceanic redox trends and the inferred oceanic δ13C values for the SE. This is because of the relatively small effect uplift has on weathering rates, compared to ρCO2 which exerts a far larger control on weathering rates. Note, the model is run with an Fe2+-P scavenging flux however inclusion or exclusion of this phosphorus burial pathway exerts negligible difference in the model output. We note when oxidation of a DOM reservoir releases CO2, elevated P weathering can increase ocean P. Therefore, enhanced continental weathering from uplift and orogenesis cannot explain the observed CAP trends.
Hypothesis 3. Elevated Phosphorus weathering driven by volcanism
	Another mechanism to increase continental weathering and P release to the oceans is via elevated pCO2 as a result from volcanic emissions (Extended Data Figure 2). In order to simulate this scenario, the model was forced by elevating the CO2 flux from the mantle to surface environments. The flux of CO2 was set to mimic the flux of CO2 released from our DOM oxidation model (Extended Data Fig. 6) in order to compare model results. The δ13C values of mantle carbon was varied from -5 to -25‰ to reflect all observed δ13C values of mantle carbon (Extended Data Fig. 2) (Deines, 2002). In this model the hypothetical volcanic flux of CO2 increases pCO2 leading to an increase in silicate weathering and subsequently P weathering flux to the oceans. The elevated flux of carbon from the mantle to surface injects large volumes of δ13C depleted carbon into the oceans leading to a decrease in ocean δ13C. This creates a δ13C excursion of variable magnitude depending on the δ13C of mantle carbon. The increase in oceanic P increases primary productivity and oxygen production, but also oxygen consumption from decaying biomass in the water column, leading to an increase in pO2 and ocean anoxia. Overtime higher pO2 leads to a gradual lowering of ocean anoxia. Once the CO2 flux ends, pCO2 drops, as does silicate and P weathering, leading to a drop in the ocean P reservoir. This drop in ocean P lowers primary productivity and oxygen demand in the water column, which results in a large reduction in ocean anoxia under the higher pO2. Note, the model is run with an Fe2+-P scavenging flux in order to fairly compare model outputs with the DOM oxidation model which includes an Fe2+-P scavenging flux (Extended Data Fig. 6-7). By including and excluding Fe2+-P scavenging, the only major difference between model results is the ocean P reservoir size before and after the modelled event. In both models including and excluding Fe2+-P scavenging, the oceanic P reservoir trends follow the same pattern and all other model results are consistent between both cases.  The modelled P and redox trends in this scenario clearly contrast with observational data and is therefore deemed an unlikely scenario for the SE. 
Hypothesis 4. Oxidation of a DOM reservoir by both sulphate or free oxygen or both
In the poorly oxygenated Ediacaran Ocean, remineralisation of organic matter would tend to proceed via anaerobic metabolisms. Since sulphate would be by far the largest electron acceptor for anaerobic respiration, sulphate reduction rather than O2 would be the primary oxidant of a DOM reservoir. However, once local oxygen concentrations increased over 4 μM (Brüchert et al., 2003), sulphate reduction will become a secondary pathway for organic respiration, with O2 becoming the first electron acceptor to be consumed. Despite extensive study on the coupling between sulphate reduction, organic oxidation and oxygen depletion, few studies provide field data that allow a quantitative assessment of the complementary effects between sulphate reduction and organic oxygen oxidation on the consumption of DOM. Therefore, oxidation of a the DOM reservoir has been idealised using solely sulphate (this study) or by free oxygen (Shields et al., 2019). 
In order to evaluate the possibility of the DOM reservoir having two output fluxes via both sulphate and free oxygen oxidation, we combined the equations of both oxygen DOM oxidation as in Shields et al., 2019, and sulphate driven DOM oxidation. In this model, sulphate oxidation of DOM has a positive dependency on ANOX, while oxygen oxidation of DOM has a negative dependency on ANOX. This allows progressive changes in the relative amount of oxygen or sulphate used to oxidise DOM as oxygen availability changes. Sulphate and oxygen oxidation fluxes of DOM can be expressed as follows, respectively:
                                  (9)
                                                    		    (10)
Where the   is referenced from Shields et al., 2019, ,  , and . Due to a low pO2 at the beginning of the Shuram event, sulphate is the major electron acceptor, but as pO2 increases, oxygen becomes more important, and this will stabilise the pO2 increase. The total flux of DOM oxidation as follows:
                                  (11)
Because in this model DOM oxidation is partially driven by oxygen, and oxygen is principally generated via pyrite burial during the modelled event, larger initial sulphate pulses to the ocean are required when compared with a model where DOM oxidation is driven solely by sulphate (Extended Data Fig. 3a vs. 3I). As seen in Extended Data Figure 3, DOM oxidation by sulphate and free oxygen leads to a shorter duration of the carbon isotope excursion due to the combined oxidative power of free oxygen and sulphate. Note, the model is run with an Fe2+-P scavenging flux in order to fairly compare model outputs with the DOM oxidation model which includes an Fe2+-P scavenging flux (Extended Data Fig. 6-7). The model output shows a marine P reservoir trend that is elevated throughout the carbon isotope excursion. This is due to the consumption of free oxygen by DOM which prevents a large decrease in ocean anoxia, consequently suppressing P burial and keeping marine P high during the release of P from DOM. This contrasts with CAP data which shows a large decline in the P reservoir during the SE and a subsequent second peak (Fig. 1). The inability of the combined oxidation of DOM by sulphate and free oxygen to recreate the observed CAP trends suggests that sulphate was likely the primary oxidant of a DOM reservoir, or at least sulphate oxidation of DOM provides a closer model output to the observed geochemical trends than oxidation of DOM solely by free oxygen. As described in main text and Method section, the DOM oxidation driven only by sulphate provides the best quantitative explanation for the observed CAP and other key geochemical records of the SE. 
However, our simple approach to modelling transitional states of sulphate and O2 driven oxidation of a DOM reservoir leave open the possibility that more complex nuances may have allowed O2 and other oxidants (NO3-, Mn4+, Fe3+) to partially drive DOM oxidation at varying rates. The relative contribution of DOM oxidation by sulphate versus O2 likely lies somewhere in between the two extreme scenarios of only sulphate and only O2 driven oxidation (Extended Data Fig. 3a-A).  

Supplementary Information 8: Comparison of CAP and global redox proxies
Given the intimate link between P and oceanic redox conditions, one might expect a degree of correlation between redox proxies and CAP. However, given the local vs. global controls on different redox proxies and CAP it is important to identify the most appropriate proxies to compare. CAP records local seawater P concentration, therefore what controls local seawater P concentration will determine what CAP trends are reflecting, and therefore which redox proxies are best compared with CAP. Below we explore the controls on continental shelf P concentrations. 
The oceanic residence time of P is complicated given its critical nutrient status. Best estimates of ocean P residence times suggest that surface ocean P (< 300m depth) has a residence time of < 5 years (Ruttenberg, 2003). This is orders of magnitude smaller than the oceanic mixing time of ca. 1000 years. Therefore, surface ocean P concentrations are expected to be heterogenous across ocean basins. Conversely, deep ocean P (the largest oceanic P reservoir; at > 300m depth) has a residence time of about 1,500 years (Ruttenberg, 2003). Consequently, the deep ocean P reservoir has a roughly similar or longer residence time than the oceanic mixing time, which should result in a more homogenous distribution of P in the deep oceans. 
Given the deep ocean P reservoir is the largest oceanic P reservoir and is generally well mixed (residence time > ocean mixing time), changes in deep ocean P concentrations are likely to reflect changes in the global ocean P concentration. Therefore, if deep ocean P concentrations are the predominant control on the local P concentration of continental shelves, then CAP (while a local proxy) will record changes in the deep ocean P reservoir and hence global ocean P concentration over geological timescales. 
We explore the extent to which deep ocean P controls continental shelf P concentration using a quantitative 4-box ocean P-cycle model (Alcott et al., 2019; Slomp and Van Cappellen, 2007). We here use the model outputs in figures 4a and 5a from Alcott et al., (2019) and plot the P concentrations in the respective boxes. In this model the ocean is divided into proximal, distal, surface and deep ocean reservoirs. The proximal zone comprises the part of the coastal ocean directly influenced by river input and includes large bays, the open water part of estuaries, deltas, inland seas, and coastal salt marshes. The distal zone (where the sections of this study are believed to have been deposited) is where element recycling and upwelling are quantitatively more important than river input and which includes the open continental shelves (average water depth 130 m). The surface layer of the open ocean (average depth 150 m) and the deep ocean are the remaining two boxes.
	Using this model, we explore how a hypothetical change in the deep ocean P reservoir affects continental shelf P concentrations. Following this change upwelling results in a simultaneous (on geological timescales) increase in the distal zone (continental shelf) P concentration. There is no change in the proximal zone as this zone does not receive P inputs from the other 3 boxes. 
	In summary 4-box ocean P cycle models indicate that oceanic P fluxes and the relative sizes of oceanic P reservoirs result in deep ocean P concentrations being the predominant control on continental shelf P concentrations via upwelling. Given deep ocean P concentrations are likely to reflect global ocean P levels, its dominance over continental shelf P means trends in continental shelf P (and therefore CAP) will reflect trends in global ocean P levels over geological timescales. Consequently, first-order CAP trends and U isotope trends are appropriate to compare when evaluating P and O2 cycling, as they both reflect first-order global ocean trends in P and O2. Local redox or physiochemical conditions will inevitably affect local P concentrations, however they are subordinate to fluxes of P from the deep ocean P reservoir (Ruttenberg, 2003). This is exemplified by differing local redox conditions between the analysed SE sections, yet consistent CAP trends. For example, carbonate bound iodine and Ce/ Ce* anomalies reveal some SE sections record increasing local dissolved oxygen concentrations, while other sections record no such increases or delayed increases relative to other sections (Cheng et al., 2022; Hardisty et al., 2017; Wei et al., 2019). 

Supplementary Information 9: Modelling oceanic P and O2 dynamics during the Shuram Excursion 
	As shown in previous work, modern ocean carbonates forming in ocean waters carrying P concentrations between 0.03 and 2.4μM acquire CAP values of around 0.01 to 1 mmol/mol respectively (Dodd et al., 2021). Combined with an accuracy of ±5%, the CAP data can easily discriminate between small changes in local ocean phosphate. Consequently, CAP has the sensitivity to identify changes in ocean P that may arise from shifts in redox-sensitive P burial, which may lead to ocean P concentrations changing by >2-4 μM (Lenton et al., 2018; Lenton and Watson, 2000). In combination with redox proxy data and quantitative relationships it is therefore possible to assess the effects of redox-sensitive P burial from the geological record and biogeochemical models which we will explore below. 
Following the principles of redox-sensitive P burial, prior to the SE oxygenation event widespread ocean floor anoxia should have resulted in ocean P concentrations being elevated relative to ocean P concentrations during the SE when the extent of ocean floor anoxia was minimal. The observation of equivalent CAP values under both maximal and minimal oceanic anoxia across the SE (Fig. 1), however suggests that redox-sensitive P release was muted during extensive seafloor anoxia either side of the SE. Alternatively, equivalent CAP values under minimum and maximum extents of ocean floor anoxia across the SE may result from greatly increased P fluxes to the ocean during the SE when the extent of ocean floor anoxia was small. This could result in the elevated P fluxes mitigating the increased redox-sensitive P burial fluxes when the extent of ocean floor anoxia was small. This could result in ocean P concentrations being roughly equivalent across the SE under maximum and minimum ocean floor anoxia, giving the illusion of muted or inactive redox-sensitive P release under widespread ocean floor anoxia. 
To address whether elevated P fluxes from DOM/ and or continental weathering during the SE could have offset the effects of redox-sensitive P burial we conducted additional COPSE model runs in which the C:P ratio of DOM is lowered to match the C:P ratio of fresh biomass (C:P = 250) (Extended Data Fig. 4a-h). This provides an extreme scenario for P fluxes to the ocean during the SE, given that it is unlikely DOM would have a C:P ratio close to fresh biomass, but rather likely being an order of magnitude larger (Jiao et al., 2010). Even under this extreme scenario, model results, based on modern P and O2 cycles, still predicts that ocean P would decrease below P levels prior to the SE when ocean anoxia was high (Extended Data Fig. 4b). 
In all model runs, the organic P burial flux was fixed at a constant C:P burial ratio of 250 and did not fluctuate with the degree of ocean anoxia. In modern anoxic basins C:P burial ratios are around 1000-4000, compared with oxygenated water masses where C:P burial ratios are around 250 (Ingall et al., 1993; Slomp and Van Cappellen, 2007; Van Cappellen and Ingall, 1996). Additionally, our model did not include a redox dependence on Ca-phosphate burial (Lenton et al., 2018). When including these omitted redox controls model ocean P concentrations are expected to be 3 times as opposed to 2 times larger under expanded ocean anoxia. Consequently, our model setups include an extremely conservative redox-sensitive P burial cycle, and therefore the equal magnitude of CAP values under high and low ocean anoxia across the SE support the possibility that ocean P burial was much higher under anoxia in the Ediacaran than in modern ocean basins.  
We further stress test this hypothesis by increasing the initial atmospheric pO2 prior to the SE in the model scenario. This is given the uncertainty in early Ediacaran atmospheric pO2 which will affect the initial extents of ocean floor anoxia and therefore ocean P levels. By increasing the initial atmospheric pO2, the relative change in ocean floor anoxia will become smaller across the oxygenation event and therefore so will the relative change in ocean P levels. Model estimates and redox proxies suggest that the upper bounds for early Ediacaran pO2 could have been around 20% PAL (Lyons et al., 2021; Williams et al., 2019; Zhang et al., 2018b). We therefore ran the model at steady state with an initial pO2 of 20% PAL. The elevated model pO2 and initially lower ocean anoxia and P levels prior to the SE however still resulted in ocean P levels dropping below the pre-SE ocean P levels (Extended Data Fig. 4I-VIII), supporting the premise that the observed CAP data likely represents a suppressed or inactive redox-sensitive P release during the Ediacaran period when ocean anoxia was high. 
We also reiterate that the effects of pH, alkalinity or precipitation rate are unlikely to have controlled CAP uptake and trends during the SE. Please refer to Supplementary Information 4.

Supplementary Table 1: Equations for core reservoirs involved in our COPSE model.
	Reservoir 
	Label 
	Equation

	Atmosphere-ocean CO2
	A
	

	Ocean (sulphate) sulfur
	S
	

	Atmosphere-ocean O2
	O
	

	Ocean reactive phosphorus
	P
	

	Rock organic carbon
	G
	

	Rock carbonate carbon
	C
	

	[bookmark: OLE_LINK4]Rock pyrite sulfur
	PYR
	

	Rock gypsum sulfur
	GYP
	

	Ocean reactive nitrogen
	N
	

	Deep ocean DOC/ DOM
	DOC
	

	Ocean uranium
	U
	



Supplementary Table 2: Equations for isotope calculations involved in our COPSE model.
	Isotope composition
	Label 
	Equation 

	Atmosphere-ocean carbon (δ13Ccarb)
	δA
	

	Ocean sulphate (δ34Ssulphate)
	δS
	

	Ocean uranium (δ238Ucarb)
	δU
	



Supplementary Table 3: Equations for flux calculations involved in our COPSE model.
	Fluxes
	Label 
	Equation 

	Marine organic C burial
	mocb
	

	Marine pyrite S burial
	mpsb
	

	Oxidative weathering
	oxidw
	

	Carbonate weathering
	carbw
	

	pyrite weathering
	pyrw
	

	gypsum weathering
	gypw
	

	Marine carbonate C burial 
	mccb
	

	Marine gypsum S burial
	mgsb
	

	Organic C degassing
	ocdeg
	

	Carbonate C degassing
	ccdeg
	

	pyrite degassing
	pyrdeg
	

	gypsum degassing
	gypdeg
	

	Reactive P weathering
	phosw
	

	Terrestrial organic P burial
	pland
	

	Terrestrial organic C burial
	locb
	

	Reactive P to ocean
	psea
	

	Marine organic P burial
	mopb
	

	Ca-bound burial
	capb
	

	Fraction of anoxia
	f(anox)
	

	New primary productivity
	newp
	

	Degree of anoxia
	ANOX
	

	Denitrification 
	denit
	

	Nitrogen fixation
	nfix
	 for , else 0

	Marine organic N burial
	monb
	

	Oxidation of DOC/ DOM
	DOC_ox
	

	Sea floor weathering
	sfw
	

	Temperature dependence of basalt weathering
	ƒTbas
	

	Temperature dependence of granite weathering
	ƒTgran
	

	Temperature dependence of carbonate weathering
	gT
	

	Pre-plant silicate weathering
	ƒpreplant
	

	Pre-plant carbonate weathering
	gpreplant
	

	Vegetation feedback
	VEG
	

	Climate forcing for silicates
	ƒCO2
	

	Climate forcing for carbonates
	gCO2
	

	CO2 dependence of basalt weathering
	ƒCO2bas
	

	CO2 dependence of granite weathering
	ƒCO2gran
	

	CO2 dependence of carbonate weathering
	gCO2
	

	Basalt weathering
	basw
	

	Granite weathering
	granw
	

	Silicate weathering
	silw
	

	Relative atmospheric O2
	RO2
	

	Solar forcing
	SOL
	

	Albedo
	ALB
	

	Temperature
	TEMP
	

	Carbon isotope fractionation
	ΔC
	

	Uranium river input
	uriv
	

	Uranium hydrothermal sink
	uhyd
	

	Uranium anoxic sink
	uanox
	

	Uranium other sink (carbonate, suboxic, and oxic metals)
	uother
	



Supplementary Table 4: Parameters used in our COPSE model (Lenton et al., 2018).
	Reservoirs
	Label 
	Value

	Atmosphere-ocean CO2
	A0
	

	Ocean (sulphate) sulfur
	S0
	

	Atmosphere-ocean O2
	O0
	

	Rock organic carbon
	G0
	

	Rock carbonate carbon
	C0
	

	Ocean phosphorus
	P0
	

	Ocean nitrogen
	N0
	

	Rock pyrite sulfur
	PYR0
	

	Rock gypsum sulfur
	GYP0
	

	Deep ocean DOC/ DOM
	DOC0
	

	Ocean uranium
	U0
	

	Isotopic composition of young rock organic carbon
	δG0
	

	Isotopic composition of young rock carbonate carbon
	δC0
	

	Isotopic composition of rock pyrite sulfur
	δPYR0
	

	Isotopic composition of rock gypsum sulfur
	δGYP0
	

	Oxidative weathering
	koxidw
	

	Carbonate weathering
	kcarbw
	

	Sea floor weathering
	ksfw
	

	Carbonate C degassing
	kccdeg
	

	Organic C degassing
	kocdeg
	

	Pyrite weathering
	kpyrw
	

	Gypsum weathering
	kgypw
	

	Gypsum S degassing
	kgypdeg
	

	Pyrite S degassing
	kpyrdeg
	

	Silicate weathering
	
	

	Present ocean oxic fration
	
	0.997527

	Pre-plant weathering
	
	0.15

	Climate sensitivity control
	
	4.328 ℃

	Luminosity sensitivity control
	
	7.4 ℃

	Temperature sensitivity of seafloor weathering
	
	0.0608

	Temperature sensitivity of granite weathering
	
	0.0724

	Temperature sensitivity of basalt  weathering
	
	0.0608

	Silicates fraction of P weathering
	
	0.8

	Carbonate fraction of P weathering
	
	0.14

	oxidation fraction of P weathering
	
	0.06

	Terrestrial organic matter burial fraction in aquatic setting
	
	0.8

	Nutrient utilization efficiency
	
	0.4

	Sharpness of oxic-anoxic transition
	
	10

	Reactive  P weathering
	k10
	42.5

	Terrestrial organic 
	k10k11
	2.5

	Reactive  P to ocean
	(1 – k11) k10
	40

	Marine organic P burial
	k2/CPsea
	10

	Iron-sorbed burial
	k6
	10

	Ca-sorbed burial
	k7
	20

	Nitrogen fixation
	k3
	8.67

	Denitrification
	2*k4
	8.6

	Marine organic N burial
	k2/CNsea
	0.07

	Uranium river input
	kuriv
	

	Uranium hydrothermal sink
	kuhyd
	

	Uranium anoxic sink
	kuanox
	

	Uranium other sink (carbonate, suboxic, and oxic metals)
	kuother
	

	Fractionation of uranium hydrothermal sink
	
	0.2 ‰

	Fractionation of uranium anoxic sink
	
	0.6 ‰

	Fractionation of uranium other sink
	
	0.0156 ‰

	Isotopic composition of riverine uranium
	
	–0.29 ‰



Supplementary Table 5: Present-day values of background forcings involved in our COPSE model (Lenton et al., 2018).
	Forcing
	Label 
	for present day

	Relative global CO2 degassing
	D
	1

	Relative uplift rate
	U
	1

	Paleo-geographic river runoff effect
	R
	0.753322

	Weathering effect of plant evolution
	W
	1

	Carbonate burial depth
	B
	1

	Relative basalt area
	BA
	1

	Relative granite area
	GA
	

	Relative carbonate area
	CA
	1

	Relative organic area
	OA
	1

	Relative total area
	TA
	1



Supplementary Table 6: Parameters used in the open-system diagenetic fluid-rock interaction model (see supplementary information 3 for references of values used).
	
	
	C
	O
	Ca
	Fe
	Mn
	PO4
	Sr
	IO3
	SO4
	U(VI)
	U(IV)

	Cif0 (ppm)
	Initial concentration in diagenetic fluid
	29
	889000
	400
	55.8
	11
	19
	18
	0.007
	19.2
	0.003
	0.0005

	Cir0 (ppm)
	Initial concentration in primary carbonate
	120000
	480000
	400000
	50
	3
	167
	8755
	14
	5000
	3
	3

	Di
	Initial concentration in rock/ initial concentration in the fluid  
	4138
	1
	1000
	1000
	5000
	440
	50
	232
	4
	1213
	25000

	*Kdi
	Distribution coefficient 
	1002500
	2673333
	1000000
	1
	5
	0.44
	0.05
	0.232
	0.004
	1.21
	25

	δif0
	Initial isotopic ratio in diagenetic fluid
	-10
	-10
	0
	N/A
	N/A
	N/A
	N/A
	N/A
	10
	0
	0

	δir0
	Initial isotopic composition in the rock
	5
	0
	-1.6
	N/A
	N/A
	N/A
	N/A
	N/A
	5
	-0.7
	-0.7

	αif0
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	N/A
	N/A
	N/A
	N/A
	N/A
	N/A
	0.71
	N/A
	N/A
	N/A
	N/A

	αir0
	Initial radiogenic isotope ratio in rock
	N/A
	N/A
	N/A
	N/A
	N/A
	N/A
	0.706
	N/A
	N/A
	N/A
	N/A



*Kdi   “E” is the element of interest, and all units are molar. 
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