[bookmark: _GoBack]I. Water content in the mantle 
The water content of the upper mantle is well constrained by various observations including the water content of the mid-ocean ridge basalt (MORB), water content in xenoliths, and from the electrical conductivity (e.g., (Dai and Karato, 2009; Dixon et al., 2002; Hirschmann, 2006; Karato, 2011; Peslier et al., 2017)). The asthenosphere contains ~0.01 wt % (with a factor of ~2 uncertainty), and the lithosphere contains substantially less water.
The water content below the upper mantle is much harder to constrain because there are very few samples from the deep mantle, and even when we have them it is unclear if they are representative. There is clear evidence that some regions of the mantle transition zone (MTZ) are water-rich, as shown by water-rich ringwoodite inclusions in diamonds (Pearson et al., 2014). Diamond is formed under limited conditions (Harte, 2010; Nestola and Smyth, 2016), so that it is unclear if diamond inclusions are representative of the materials in the MTZ. 
Geophysical observations would provide a broader view of Earth’s water distribution. However, inferring water content from geophysical observations is not straightforward and a wide range of results have been published. There are two reports that argue that the MTZ is essentially dry. (Yoshino et al., 2008) used low-frequency measurements to determine electrical conductivity of wadsleyite and ringwoodite, arguing that the mantle transition zone is dry. However, this low-frequency technique suffers systematic bias via the polarization effect (Karato, 2019; Karato and Dai, 2009; Karato and Wang, 2013). To avoid such a systematic bias, one needs to use the impedance spectroscopy, in which a sample’s response to AC electric fields is measured and DC conductivity can be calculated (Karato, 2019; Karato and Dai, 2009; Karato and Wang, 2013). In addition, (Yoshino et al., 2008) used low-resolution infrared spectroscopy and as a consequence, the water content less than ~0.1 wt % was considered to be “dry” by Yoshino et al. (2008) although this level greatly exceeds the water content in the asthenosphere (0.01 wt %). 
(Houser, 2016) used seismic-wave velocities and the topography on the transition-zone boundaries (410-km and 660-km) to infer water content at the global scale. However both seismic-wave velocity and the depth of the transition-zone boundaries are insensitive to water content, particularly at high temperatures, but they are sensitive to a small difference in the major-element chemistry that may vary significantly when global data are considered. Therefore such a method cannot provide a reliable estimate of the water content, as argued by (Karato, 2011). However, when one investigates regions with relatively low temperature, then the topography of the transition-zone boundaries is sensitive to water content.  If one focuses on a region where compositional variation is small, such a method would work better. Indeed, (Suetsugu et al., 2006) used seismological observations to infer water content in the Philippines-Sea region, where temperatures are relatively low, and concluded that the water content  ~1 wt %, that is, near the saturation level, with some spatial variations.
In contrast to these reports, (Fei et al., 2017) suggested a nearly water-saturated MTZ, based on a comparison of dislocation-recovery kinetics with geophysically-inferred viscosity-depth profiles. However, their conclusion has major uncertainties. First, the minimum in viscosity at MTZ is not well constrained from geodynamic studies because these studies have strong non-uniqueness. The available studies do not have sufficiently high resolution to constrain the depth variation in viscosity to the extent that (Fei et al., 2017) assumed (e.g., (Kido and Čadek, 1997; King, 1995)). Also the minimum in viscosity in the MTZ conflicts with the observation that seismic attenuation lacks a peak within the MTZ in the global average (Romanowicz and Mitchell, 2015). Second, the relevance of dislocation recovery to mantle viscosity is not clear because deformation mechanisms in the deep mantle are poorly constrained.  For example, if diffusion creep dominates, then viscosity is not directly related to dislocation recovery; e.g., (Karato and Wu, 1993; Karato et al., 1995)).
Similarly, using seismological constraints on velocity and density jumps at the 410-km discontinuity, (Wang et al., 2019) concluded that, if the olivine content in the upper mantle is 60%, then the MTZ would have ~0.9 wt % of water. However, the inferred water content depends strongly on the olivine volume fraction in the upper mantle. If olivine content were 50%, the MTZ would be dry. Such strong dependence on major chemistry supports the conclusion by (Karato, 2011) who showed that seismic velocity is highly sensitive to major element chemistry but insensitive to water content. In addition, their approach has an important problem because the velocity contrast at the 410-km discontinuity that they used is likely affected by the presence of melt above the MTZ, but Wang et al., (2019) ignored the influence of melt in their study. (Li et al., 2013) used the Vp/Vs ratios in the stagnant slab in the west Pacific to east Asia to infer MTZ water content of 0.2-0.4 wt %. 
In contrast, electrical conductivity is highly sensitive to water content but insensitive to the major-element chemistry and even to the influence of partial melting (Toffelmier and Tyburczy, 2007). Consequently, electrical conductivity provides a robust estimate of water content (Karato, 2011). In fact, the usefulness of this approach was benchmarked using the observations on the asthenosphere. The water content of the asthenosphere is constrained well by the water content of the mid-ocean ridge basalt (MORB) (Dixon et al., 2002; Ito et al., 1983) to be ~0.01 wt %. The water content of the asthenosphere can also be estimated from a comparison of geophysically-inferred electrical conductivity (~0.01 S/m) with the laboratory data to be ~0.01 wt % (Dai and Karato, 2009, 2014). Therefore electrical conductivity provides a good metric of water content within Earth’s interior, although the analysis of experimental data needs to be made with a great care (for a review see (Karato, 2019; Karato and Wang, 2013)).
A comparison of the global three-dimensional electrical conductivity estimated from the analyses of electromagnetic induction with laboratory data provides an estimate of water content in the MTZ. The results show a large regional variation but on average ~0.1 wt % (Karato, 2011). Electrical conductivity of the MTZ inferred from the inversion of electromagnetic induction data clearly excludes a globally “dry” MTZ with ~0.003 S/m electrical conductivity that is much lower than geophysically inferred values ~0.01-1 S/m (Karato, 2011). Also a nearly water-saturated scenario (~1 % water) is inferred in selected MTZ regions, such as East Asia (Karato, 2011), that are consistent with the results by (Suetsugu et al., 2006).
The use of electrical properties to infer water is limited by the lack of experimental data on the influence of hydrogen (water) on electrical conductivity in lower-mantle minerals. Although there are several reports on the electrical conductivity in the lower-mantle minerals (Katsura et al., 1998; Xu et al., 1998), these results do not provide useful constraints on the role of hydrogen for two reasons. First, hydrogen content was not determined in any of these studies. Second, they used a DC technique (or a technique involving low frequencies). Hydrogen-assisted conduction is ionic conduction and therefore if one uses a DC (or low frequency) technique, hydrogen will be lost at the electrode and hence no information will be gained on the role of hydrogen. Consequently, previous studies on electrical conductivity in the lower-mantle minerals provide no constraint on the role of hydrogen at all. It is urgent to study the influence of hydrogen on electrical conductivity in lower-mantle minerals.

II.	Melt density 1: Influence of a phase transformation on melt density
Resistance for compression can be measured by bulk modulus, and the bulk moduli of silicate melts (at low P (<1 GPa)) are ~20 ± 10 GPa whereas those of corresponding solids are ~30-250 GPa (Jing and Karato, 2011). Therefore silicate melts are more compressible than solids, and at high pressures, melt density becomes similar to the coexisting solid (Stolper et al., 1981). This remarkable difference is explained by the fundamental difference in the mechanisms of compression between silicate melts and solids (Jing and Karato, 2011).
Compression also involves structural changes. Structural changes include a change in the coordination number (e.g., the number of O atoms surrounding each Si) or an arrangement of some ion groups. These structural changes occur abruptly for a solid-solid phase transformation, leading to a sharp increase in density as pressure exceeds the transformation pressure. In contrast, most of structural changes in a melt occur more gradually. As a consequence, density in a melt increases gradually with pressure as structural changes occur. This has been demonstrated by computational studies (e.g., (Stixrude and Karki, 2005)) and by experimental studies (e.g., (Sanloup et al., 2013)). Consequently, the melt density tends to be higher than the solid density just below the transition pressure (above the transition depth) but considerably lower than the solid density just above the transition pressure  (below the transition depth) (Fig. S1).
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Fig. S1. A schematic diagram showing the pressure (depth) dependence of density of melt and solid across a phase transformation (Ptr is the transformation pressure for a solid). Solid density changes with pressure sharply at the transition pressure, whereas the melt density changes gradually because of the gradual transition in the structure (see also (Sakamaki, 2017)). The melt density is also sensitive to composition that depends on the bulk composition and melting temperature (Jing and Karato, 2012).

The contrast in density between the melt and co-existing solid also depends on chemical composition because partial melting in a multi-component system results in a melt whose composition differs from the residual solids: melt has more FeO and H2O. FeO increases the density, but H2O decreases the density (Jing and Karato, 2012; Matsukage et al., 2005). Therefore, the interplay between these two components has an important influence on the density contrast between melt and co-existing solids. H2O content depends strongly on the temperature at which melting occurs; melt will have higher H2O content when melting occurs at lower temperature.
We have estimated the critical water content for neutral melt density at ~410-km using the results of computational and experimental studies (for the details of computational method, see the next section). The critical water content depends on the FeO content as well as temperature. The results are summarized in Fig. 2b. These results predict that the critical water content for neutral melt density as formed at ~410 km is 5-8 wt %, but the results are highly sensitive to the influence of other incompatible components, such as K2O and CO2 (e.g., (Karato et al., 2006)). Consequently, we use this value only as a guide in this study. Under most conditions, melts in the shallow lower mantle are lighter than co-existing solids, but the density of melts just above the 410-km phase transition is delicately controlled by composition. Therefore the density cross-over is not considered at ~750-km.

II.	Melt density 2: Some details of melt density calculations
	Results shown in Fig. 2 illustrate some of the issues summarized above. In Fig. 2a we include the results from some experimental studies but also the results from theoretical computations. Melt density under deep-mantle conditions can be determined experimentally down to the transition-zone conditions using the sink-float or the X-ray absorption technique as reported by (Jing and Karato, 2012; Matsukage et al., 2005; Sakamaki, 2017; Sakamaki et al., 2009). However, these techniques are difficult to use under the lower-mantle conditions. The only experimental study on the melt density at lower-mantle conditions is the work by (Sanloup et al., 2013) where they used X-ray scattering to determine the radial distribution function for interatomic distances from which they calculated the density and the melt structure, such as the coordination number for individual atoms. This work also demonstrated a continuous change in the coordination number within the melt, as compared to an abrupt change in the coordination number in minerals, supporting the point made in Fig. S1. Although these are important observations, the experimental errors in the estimated density are large and the available melt density data are highly scattered (e.g., (Sakamaki, 2017; Sanloup et al., 2013)). 
	Consequently, we also used a computational approach to calculate the melt density under deep-mantle conditions. We used the first-principles molecular dynamics approach based on a generalized gradients approximation (GGA) (Perdew et al., 1996) and projected augmented wave method as implemented by VASP (Kresse and Furthmüller, 1996; Kresse and Joubert, 1999). Our simulation supercells consisted of 16Mg2SiO4 (total 112 atoms) for pure melt, 16(Mg0.75 Fe0.25)2SiO4 (total 112 atoms) for iron-bearing melt, and 14Mg2SiO4+8H2O (total 122 atoms) for hydrous melt. The input configurations were generated at temperatures well above the melting point, followed by quenching to 3000 K and then 2000 K at six different volumes for which the calculated pressure varies from zero to ~40 GPa. The simulations were run for 20 to 50 picoseconds with a time step of 1 femtosecond. The liquid state of the simulated system was also confirmed by examining partial radial distribution functions, which show short-range order and long-range disorder. We also evaluated the density-pressure profile of the pure melt using the local density approximation (LDA) (Ceperley and Alder, 1980) to assess the effects of the choice of exchange correlation functional. Since GGA and LDA calculations tend to overestimate and underestimate volume, respectively, to similar extent, we took the average between the two calculations for the density-pressure profile of the pure melt. Our structural analysis showed that the mean cation-anion coordination numbers in Mg2SiO4 melt change gradually with increasing pressure as opposed to the abrupt changes in the coordination within its solid counterparts, consistent with several other studies (e.g., (Bajgain et al., 2015; Stixrude and Karki, 2005)). Doubling the run durations and supercell size at selected conditions showed that the calculated pressure-volume and structural results converged well. In general, the melt densities of different silicate compositions obtained from first-principles simulations have been shown to agree well with available experimental data (e.g., (Bajgain et al., 2015; de Koker et al., 2008)). 

III. Details of models of global water circulation involving deep-mantle processes
In the simple one-dimensional model, the evolution of the water content in the MTZ is given by (equation (2) in the main text),
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where  is mass of the MTZ,  is the (average) mass fraction of water in the MTZ,  is the regassing rate and  is the degassing rate.


Now let us consider each term,  and . If we consider a process without partial melting, then what enters the MTZ must exit the MTZ. Therefore
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where S is the average area of the MTZ, is the fraction of the area where flow is down-welling or up-welling,  is the down-welling or up-welling velocity, is the water content in the down-welling region (near subduction zone) or up-welling region respectively.
Similarly,
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Now, by the mass balance requirement,
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And therefore,
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IV. Water circulation with melting: A case where all melts go back to the MTZ
There are a few steps of water transport associated with partial melting. The first step is the partitioning of water between the solids and the melt. In all cases, a majority of water goes to the melt, and only a small amount of water is left in the solid rocks. The second is the melt-solid separation due to the density difference. In this section we assume that the melt formed above the MTZ is heavy and the melt formed below the MTZ is light compared to the surrounding rocks. With this assumption, melts formed out-side of the MTZ will tend to return locally to the MTZ.
However, these melts will migrate laterally with surrounding rocks, induced by horizontal pressure gradients. As a consequence, the melt accumulated just outside the MTZ will spread (with the surrounding rocks), and eventually return to the MTZ (“entrainment”) where these materials reach a region where background flow is toward the MTZ. However, this migration is slow when the solid viscosity is high. This is a case in the lower mantle. Below the 660-km transition, melt-rich materials would not move much until that region becomes a region of up-welling flow. This transition in the flow direction occurs by the change in the geometry of plate boundaries hence this takes about ~100 Myr.

These processes can be included in both regassing (hydration) and degassing (dehydration) terms. For hydration (regassing), we will have an additional term in the regassing rate,  , i.e.,
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where the second term corresponds to regassing caused by the return of hydrous melt ( is the melt fraction, and  is the rate at which hydrous melt is added back to the MTZ (velocity of the motion of MRL  (thickness of MRL/length of MRL))). Since entrainment involves two successive processes (migration of a melt-rich layer and the entrainment of the melt-rich materials into the MTZ),  and  (Uspreading :velocity of spreading of a melt-rich layer that depends on the viscosity of solids). The melt fraction is given by the lever rule (i.e., mass balance) as,
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where XS and XL are the water content at the solidus and liquidus respectively.


Because all water exits the MTZ at its boundaries (410-km and 660-km) either in the melt or in the solid, the MTZ degassing rate for this case is the same as the case of no melting (equation (S-5) but replacing  with ), i.e., 
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By solving an equation for the steady-state, , we obtain the steady-state water content of the MTZ with partial melting as,


						(S-9)

This is equation (8) in the text.

V. Estimate of critical water content for a buoyant material



To produce a buoyant melt, temperature must be (: temperature at which melt formed is neutrality buoyant at which 0.1 %). However, when melt migrates into the low water content region above the 410-km, melt loses its water and becomes denser.



When a buoyant melt moves upward, it will contact with minerals with less water. Consequently, melt will lose water and hydrate the surrounding minerals. There will be three regimes in the degree of hydration: Regime I () where hydrous melt immediately loses water, Regime II () where hydrous melt migrates upward, but surrounding rocks do not, and Regime III () where both melt and surrounding rock migrate up. 











Let us first estimate the lower threshold . Hydrogen diffusion is fast and we can assume that the hydrous melt and the surroudning rocks establish chemical equilibrium instantaneously. Under this assumption, the ratio of melt water content within the dry region () and the initial water content of the melt () is given by  where is the melt fraction,  (: water content in upper-mantle minerals, : initial water content of melt) and K is the partition coefficient of water between minerals and melt (). At a critical point where the melt water content reaches the critical value for neutral density, we have (: critical water content of melt for neutral buoyancy (=5 %, see Fig. 5)). From this we have
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Using (the lever rule), we can calculate . For example, using 10 %, 0.1 %,5 %, K=10-2 (e.g., (Hirschmann et al., 2009; Karato et al., 2006)), we obtain0.2 %.














Now, let us estimate , the threshold water content of the MTZ above which materials affected by hydrous melt become buoyant. We compare the density of materials in the hot (H) and the cool (C) regions:  and  where  is thermal expansion (=2 x 10-5 K-1), and  is a parameter corresponding to density decrease due to hydration. The condition for the hydrated region to be buoyant is given by 0.6 % for 300 K (the value of  will be larger for a larger temperature difference). Assuming a scenario where water is dissolved in minerals replacing MgO, we obtain where  is the weight fraction of water in minerals. Therefore the critical  to make hydrated minerals buoyant is 0.9 % (we use a round number of ~1 % in the text). The uncertainties in the estimated  are mostly from the uncertainties in the role of other volatile components that changes the water content of melt as well as the melt density (Karato et al., 2006). For example, the threshold water content can be lower if some other light chemical components, such as K2O, CO2, are present in the region. We estimate that the uncertainties of  are roughly 50 % of the values cited above.


	Therefore we identify two degassing regimes by the generation of buoyant melt: regime II where  and regime III where . Since degassing is more efficient in regime III, we focus on regime III where a wet plume is formed. However, the exchange of water in regime II also contributes to regional variation of water content in the upper mantle (regime I does not contribute to degassing because hydrous melt does not migrate up).

VI.	Forward modeling of receiver function signals
The simulations of Ps receiver functions for hypothetical low-velocity zones in the uppermost lower mantle were made in two steps.  First, synthetic P code were generated with a reflectivity code (Levin and Park, 1997) using an isotropic 1-D layered upper-mantle model based on reference Earth model ak135 (Kennett et al., 1995).  In the reflectivity model, smoothly-varying portions of ak135 were approximated by 5-km layers of constant Vp, Vs and density in the upper mantle to 210-km depth, 10-km constant layers in the 210-800-km depth interval, and a halfspace below 800-km depth.  The wavespeed discontinuities introduced by approximating the smooth gradients of ak135 with constant layers are each <0.5%, smaller than the lower limit of VP and VS detected below the 660-km discontinuity by previous studies (Liu et al., 2016, 2018; Schmandt et al., 2014). In addition, the layer thicknesses in our discretized model ak135 generate small-amplitude Ps converted phases spaced by 0.5-1.0 sec, which are clearly resolvable only for receiver functions with frequency cutoff fc ≥ 2 Hz, higher than typical in data studies.   For these reasons, the synthetics offer a realistic assessment of how well a low-velocity zone below the 660-km discontinuity can be characterized.
We generated single seismic P pulses with a sin2 t shape and 0.5-s duration, and multiplied the pulse spectra by the computed frequency-domain reflectivity with frequency spacing df = 0.00244 Hz, over 0 < f < 10 Hz, to simulate 410 seconds of 20 sample/sec ground motion that includes all direct P waves, Ps and Sp converted waves, and theoretically-predicted reverberations.  The synthetics were computed for a range of earthquake distances to induce Ps moveout effects.  
We applied the multitaper-correlation technique with moveout corrections for estimating receiver functions from our synthetic seismograms (Park and Levin, 2016).  The analyst chooses a target depth for the receiver function, and the horizontal ground-motion components are time-delayed, relative to the vertical, before Fourier spectrum estimation and correlation between components.  Shifting the target depth aligns RF pulses to stack coherently within a 20-40-km depth range.  If the receiver functions from synthetic data are estimated at high frequency (f ~ 2 Hz) small Ps conversions from the interfaces bounding constant-property 10-km layers can be detected, but typical RFs from earthquake data are too lowpassed to resolve these features. 
It is worth noting that studies of low-velocity interfaces 40-140-km below the 660-km discontinuity (Liu et al., 2016, 2018; Schmandt et al., 2014) depended on large-scale stacks of deconvolved earthquake body waves. For example, ~12500 Ps receiver functions proximal to the European Alps41 were stacked with moveout corrections to focus P-to-S scattered waves at pre-selected depths. These stacks revealed scattered-wave amplitudes ~4% of direct P for the 660-km discontinuity, associated with the ringwoodite-bridgmanite mineral phase-change, and 0.5-2.6% of direct P for the deeper interfaces that we associate with partial melt. The 8-10% velocity anomalies above the 410-km discontinuity inferred by (Wei and Shearer, 2017), by contrast, are far larger that seismic-wave velocity anomalies seen thusfar below the 660-km discontinuity, and therefore easier to detect with seismic imaging tools.  
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